
0361-0128/12/4024/559-26 559

Introduction
THE PURPOSE of the present communication is to review the
application of hydrogeologic principles to the study of hydro-
thermal ore deposits. Our review consists of three main parts:
(1) a presentation of the general theory governing subsurface
fluid flow, heat and solute transport, mechanical deformation,
and ultimately ore deposition; (2) an exploration of the con-
trolling influence of permeability on the formation of most
ore deposits; and finally (3) a generalized hydrogeologic per-
spective on the origin of selected sedimentary and magmatic
hydrothermal deposits. Our focus throughout this communi-
cation is mainly on the physical hydrogeology of ore deposits
rather than on the geochemistry of ore deposits that is more
commonly the focus in economic geology research. We use
the term “groundwater” to refer broadly to any subsurface
aqueous fluid regardless of its composition, temperature, or
geologic setting (Freeze and Cherry, 1979).

In order to create ore deposits, fluids typically must scav-
enge metals from a large source volume, whether from
magma or from rocks encountered along their flow path, and
deposit them in a much smaller, downstream volume (Cox,
2005). In the geologic record, this concentrating effect is evi-
dent in contrasts of more than three orders of magnitude be-
tween calculated fluid/rock ratios in source regions and at de-
posit sites (Heinrich et al., 2000), and contrasts of about five
orders of magnitude between the fluid-volume fluxes inferred
for pervasive regional metamorphism (3 × 10−12 m3m−2s−1 or
m/s; Peacock, 1989) and for midcrustal shear zones (up to 3
× 10−7 m/s; Striet and Cox, 1998). Such scavenging and con-
centration of matter and energy is inherent in many large-
scale groundwater-flow systems. In gravity- (i.e., topography-)
driven groundwater-flow systems, recharge areas are gener-
ally much more extensive than discharge areas (e.g., Tóth,
1963). Discharge can be focused further by permeability con-
trasts related to faults (e.g., Forster and Smith, 1989) and
other discontinuities. The focusing of energy by regional-
scale groundwater flow is vividly demonstrated in volcanic
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terranes, where much of the regional heat flow from areas of
1,000s of km2 (100s of MWthermal) can be absorbed by
groundwater and discharged advectively in a relatively small
locus of thermal springs (Manga, 1998; Ingebritsen and
Mariner, 2010). Such hydrothermal systems can deposit
gold and silver in concentrations of up to three orders of
magnitude greater than their average crustal abundances,
due largely to the high fluid-flow rates attainable in hot
springs, which commonly are on the order of tens of L/s
but can reach 1,000 L/s (e.g., Benoit and Butler, 1983;
Hochstein and Browne, 2000; Simmons and Brown, 2006).
For example, at a volumetric flow rate of 100 L/s and an
aqueous gold concentration of only 1 ppb, even the largest
gold deposits containing around 1,000 metric tons (t) of gold
could be deposited in a few hundred thousand years, which
is within the lifespan of order 105 to 106 years considered
typical for magmatic hydrothermal systems (Hochstein and
Browne, 2000). In other cases, ore formation appears to
have been promoted by high metal concentrations in the ore
fluid. For  example, recent studies show that carbonate-
hosted Pb-Zn deposits probably precipitated from brines
containing  hundreds to thousands of ppm Pb and Zn, much
higher than the concentrations typically found in sedimen-
tary brines (Hanor, 1996; Wilkinson et al., 2005, 2009;
Huizenga et al., 2006; Piqué et al., 2008; Stoffell et al., 2008;
Appold and Wenz, 2011). Such first-order comparisons re-
veal ore deposits to be hydrogeologically unusual in terms of
flow rates, heat content, metal content, or some combina-
tion thereof (Fyfe et al., 1978).

The spectrum of ore deposit types found in the Earth’s
crust is wide, and the formation of most involved a compo-
nent of fluid flow and advective heat and solute transport.
However, in this overview we emphasize ore deposits formed
from hydrothermal fluids in subsurface magmatic and sedi-
mentary environments, neglecting skarns, deposits in region-
ally metamorphosed rocks, deposits related to ultramafic
rocks or carbonatites, and deposits related to surficial
processes such as weathering (e.g., laterites and bauxites) or
precipitation from surface waters (banded iron formation,
phosphate, and sedimentary Mn deposits).

Processes Driving Fluid Flow and Transport
Many economically significant ore deposits are hydrother-

mal, meaning that they exist because of the transport of
solutes and heat by aqueous fluids. This fluid advection can
concentrate not only metals but also heat, leading to ore de-
posit formation temperatures that commonly are significantly
higher than expected based on the deposits’ formation depth
relative to the local background geothermal gradient. Me-
chanical deformation is also relevant, as many ore deposits
show clear evidence of repeated episodes of fracture creation
and destruction. Thus, from the hydrogeologic perspective,
deposition of ore minerals is a coupled flow problem, and one
sufficiently complex that physically rigorous description con-
tinues to challenge our computational ability.

Coupled thermal (T), hydraulic (H), mechanical (M), and
chemical (C) simulation models are often referred to as
THMC models in the context of geothermal reservoir engi-
neering and nuclear-waste isolation, the primary arenas for
which the most sophisticated and complete numerical models

have been developed. Although many ore deposits must be
regarded as full-fledged THMC systems, the computational
state-of-the-art and our limited knowledge of relevant para-
meters require that quantitative analyses almost invariably
neglect some of the relevant couplings.

Darcy’s law and fluid flow

The conceptual starting point for quantifying subsurface
flow and transport is Darcy’s law:

kkriqi = – —— (∇Pi + ρig∇zg). (1)μi

This equation makes it possible to calculate the velocity (qi) of
a fluid phase, i, based on knowledge of the intrinsic perme-
ability (k) of the medium through which the fluid is flowing,
the relative permeability (kri), which accounts for the
 reduction in permeability for fluid phase i caused by the pres-
ence of other pore fluids, the viscosity (μi), density (ρi), and
gradient (∇) in pressure (Pi) of fluid phase i, the magnitude of
the acceleration due to gravity (g), and the gradient in eleva-
tion parallel to the direction of gravitational acceleration (zg),
where bold typeface is used to denote a vector or matrix quan-
tity. These variables and others introduced later are also de-
fined in the notation section at the end of the manuscript, and
typical values of permeability for common geologic media are
shown in Figure 1. Equation (1) can be derived theoretically
from conservation of momentum (Bear, 1972) and is com-
monly referred to as the variable-density form of Darcy’s law,
meaning that the equation is valid for fluids whose density
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FIG. 1.  Range of permeabilities observed in geologic media, showing cer-
tain process-limiting values and other selected values discussed in the text.
After Freeze and Cherry (1979) and Ingebritsen et al. (2006). 



(and for that matter, viscosity) vary spatially within the prob-
lem domain. The original, empirically derived form of Darcy’s
law (Darcy, 1856) is strictly valid only for fluids whose density
and viscosity are constant within the problem domain.

Several aspects of equation (1) merit further discussion.
The velocity term qi, a vector, is variably called the Darcy ve-
locity, the Darcy flux, or the specific discharge and represents
the volumetric flow rate of fluid per unit total cross-sectional
area through which the fluid is flowing. Pore fluid velocity is
also expressed as an average linear velocity (vi) which can be
calculated from the Darcy velocity by

qivi = ——, (2)φe

and represents the volumetric flow rate per unit of actual
cross-sectional area through which the fluid is flowing. In
equation (2), φe is the effective porosity, i.e., the fraction of
the total volume of rock that consists of interconnected pores
capable of transmitting fluid flow. True microscopic velocities
are generally larger than the average linear velocity, because
the actual distance traveled by a fluid between two points in
the subsurface is typically not the shortest possible distance
but a longer, more tortuous path.

The density and viscosity values needed to use equation (1)
for pure aqueous fluids and NaCl solutions are available from
equations of state reviewed or developed by Haar et al. (1984),
Adams and Bachu (2002), Driesner (2007), and Liebscher
(2010). The intrinsic permeability (k) is a single value for flow
calculated in one spatial dimension, a 2 × 2 matrix for flow cal-
culated in two spatial dimensions, and a 3 × 3 matrix for flow
calculated in three spatial dimensions. Values of the intrinsic
permeability vary by at least 15 orders of magnitude as a func-
tion of lithology and texture (Fig. 1) and have been compiled in
many introductory hydrogeology textbooks, including Freeze
and Cherry (1979), Fetter (2001), and Schwartz and Zhang
(2003). These references also describe techniques for measur-
ing permeability from flow-rate experiments performed in
wells or on drill cores, or the calculation of permeability from
porosity or grain-size distributions. The relative permeability
(kri) is a fraction that varies from 0 when fluid phase i occupies
none of the available pore space to 1 when fluid phase i satu-
rates (occupies all of) the available pore space. Relative per-
meability functions are typically determined empirically for
specific rock media and pore fluid combinations. For aqueous
liquid-vapor systems, the Corey (1954) functions have been
found to work particularly well (Horne et al., 2000).

When one of the coordinate axes in the problem domain is
parallel to the direction of gravitational acceleration (vertical),
then equation (1) simplifies to the following widely cited
equation:

kkriqi = – —— (∇Pi ± ρig). (3)μi

where g is the gravitational acceleration vector (not just the mag-
nitude of the vector as in eq 1) and the terms inside the paren-
theses are added if the vertical coordinate represents depth
and subtracted if the vertical coordinate represents  elevation.

To calculate the pressure gradient (∇Pi) of fluid phase i, the
remaining term needed to apply Darcy’s law, the spatial dis-
tribution of fluid pressure and its variation in time must be

known. In some modern fluid-flow systems, pressure can be
measured in the field. In most cases, however, the pressure
must be calculated. This can be done for any fluid phase i that
either partially or fully occupies the available pore space, using

∂(φSiρi)        kkriρi———– = ∇ � [——— (∇Pi + ρig∇zg)] + Rm, (4)∂t μi

where φ is the total or overall porosity, Si is the fraction of the
total pore volume occupied by fluid phase i, Rm represents a
source or sink of fluid phase i, and t is time. Equation (4) is a
statement of conservation of mass in which the change in
fluid mass over time in an arbitrary volume (left term) is equal
to the net mass flux that crosses the volume (first term on the
right) plus the rate of fluid mass production inside the vol-
ume. In the context of dynamically evolving hydrothermal
systems, the source/sink term Rm can represent fluids pro-
duced by processes such as release of magmatic volatiles,
metamorphic devolatilization, or hydrocarbon production, or
fluids consumed by hydration reactions. 

The term on the left side of equation (4) can be expanded
to

∂(φSiρi)               ∂Pi ∂Si ∂Pc———– = (cu + φβi) ρiSi —– + φρi —– —–, (5)∂t ∂t ∂Pc ∂t

where cu is the uniaxial compressibility of the rock medium,
βi is the compressibility of fluid phase i, and Pc is capillary
pressure. Compressibility values of common geologic media
are shown in Table 1. Compressibility values for liquid and
vapor can be determined as partial derivatives of the equa-
tions of state for density. The first term on the right side of
equation (5) expresses the loss or gain of fluid due to com-
paction or expansion of the medium and pore fluid as a result
of fluid pressure changes. The second term on the right side
of equation (5) reflects loss or gain of fluid due to changes in
capillary pressure, which arises when two or more fluids oc-
cupy a pore, creating attractive forces at the interface of the
fluids and the solid matrix. It follows that when only one fluid
is present there is no capillary pressure and the second term
on the right side of equation (5) becomes zero. When liquid
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TABLE 1.  Coefficient of Compressibility for Common Geologic Media

Material Compressibility (Pa−1)

Plastic clay 2.6 × 10−7 – 2 × 10−6

Stiff clay 1.3 × 10−7 – 2.6 × 10−7

Medium-hard clay 6.9 × 10−8 – 1.3 × 10−7

Loose sand 5.2 × 10−8 – 1 × 10−7

Dense sand 1.3 × 10−8 – 2 × 10−8

Dense, sandy gravel 5.2 × 10−9 – 1 × 10−8

Fissured rock 3.3 × 10−10 – 6.9 × 10−10

Sound rock <3.3 × 10−10

Limestone 1.5 × 10−11 – 4.2 × 10−11

Dolomite 6.7 × 10−12 – 4.8 × 10−11

Sandstone 2.0 × 10−11 – 2.4 × 10−10

Shale 2.6 × 10−11 – 2.4 × 10−10

Granite 2.1 × 10−11 – 4.5 × 10−11

Diorite 1.5 × 10−11 – 2.5 × 10−11

Basalt 1.9 × 10−11 – 3.0 × 10−11

Gabbro 1.8 × 10−11 – 3.5 × 10−11

Marble 1.5 × 10−11 – 6.0 × 10−11

Gneiss 2.5 × 10−11 – 5.3 × 10−11

Sources: Domenico and Mifflin (1965); Henderson and Henderson (2009)



water and its vapor are the pore fluids, the capillary pressure
is defined as

Pc = Pv – Pl, (6)

where Pv is the pressure of the aqueous vapor and Pl is the
pressure of the aqueous liquid. Thus, in order to solve the
governing equation (4) for the pressure of fluid phase i in a
multiphase fluid system, the relationship between the satura-
tion of fluid phase i and capillary pressure must be known or
estimated so that ∂Si/∂Pc can be evaluated.

Heat transport

Heat transport in a hydrothermal system consisting of
aqueous liquid and vapor can be evaluated using the follow-
ing conservation of energy equation:

∂[φρfHf + (1 – φ)ρrHr]—————————— = ∂t
– ∇ � (ρvqvHv) – ∇ � (ρlqlHl) – ∇ � (Km∇T) + Rh, (7)

where H is enthalpy, Km is thermal conductivity of the bulk-
rock medium, T is temperature, Rh is a heat source or sink,
and the subscripts, l, v, f, and r designate aqueous liquid,
aqueous vapor, bulk fluid (liquid and vapor), and the rock ma-
trix, respectively. The value of Km can be found from

Km = Kr
(1 – φ) Kf

φ, (8)

where Kr and Kf represent the thermal conductivity of the
rock matrix and pore fluid, respectively. Values of Km are
shown in Table 2 and are temperature dependent (e.g., Sass
et al., 1992). 

Equation (7) states that the amount of heat that accumulates
or diminishes within an arbitrary volume (left term) is bal-
anced by the net flux of heat transported through the volume
by vapor (first term on right side), liquid (second term on right
side), and conduction (third term on right side), and by the
amount of heat produced or consumed within the volume.
The heat-source (Rh) term can be used to represent local en-
dothermic or exothermic processes such as crystallization.

Equation (7) is posed in terms of enthalpy to provide a con-
venient way of dealing with latent heat of vaporization (Faust
and Mercer, 1979), which is the difference between liquid
(Hl) and vapor (Hv) enthalpies). Although the pressure-en-
tropy pair has certain advantages in representing very high
velocity flows (Lu and Kieffer, 2009), that approach has not
yet been implemented in published numerical simulators.
Use of temperature as the single dependent variable, though
perhaps a more intuitive choice, results in a less general heat
transport equation because the pressure-temperature combi-
nation does not uniquely specify the proportions of vapor and
liquid. For example, for a pure-water system at atmospheric
pressure, the single pressure-temperature combination of 0.1
MPa (1 bar) and 100°C applies to vapor-liquid proportions
ranging from entirely liquid to entirely vapor and, as a result,
to large ranges in bulk fluid density (0.6–987 kg/m3) and en-
thalpy (418–2,676 kJ/kg), respectively (Fig. 2).

Although four different enthalpy terms (Hf, Hr, Hv, Hl) and
temperature (T) appear in equation (7), the only dependent
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TABLE 2.  Thermal Conductivity Values for 
Common Geologic Media at 20°C

Material Thermal conductivity, Km (W m−1 K−1)

Claystone and siltstone 0.80−1.25
Shale 1.05−1.45
Sand 1.70−2.50
Sandstone 2.50−4.20
Quartzite 4.20−6.30
Lithic sand 1.25−2.10
Graywacke 2.70−3.35
Limestone 2.50−3.10
Dolomite 3.75−6.30
Salt 4.80−6.05
Anhydrite 4.90−5.80
Coal <0.5
Water 0.59
Granite 2.50−3.35
Basalt and andesite 1.45−2.10
Rhyolite glass 1.25−1.45
Rhyolite ash 0.60−1.05
Rhyolite welded tuff 1.70−2.10

Source: Blackwell and Steele (1989)
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variable is the enthalpy of the bulk fluid Hf. When the hydro-
thermal fluid consists of only one phase, then the enthalpy of
the bulk fluid equals the enthalpy of the fluid phase present
(e.g., Hf = Hl) and T is a unique function of Hf and fluid pres-
sure P. When both liquid and vapor are present, then values
of P determined from equation (4) uniquely specify both tem-
perature and the enthalpies of the liquid and vapor (Fig. 2).
In most hydrothermal settings, except where fluid-flow rates
are very high as in geysers or phreatic eruptions, local thermal
equilibrium exists between the rock matrix and fluid phases,
meaning that the rock and fluids have the same temperature.
Given the heat capacity (cr) of the rock, the rock enthalpy (Hr)
can be computed from temperature via the definition for heat
capacity at constant pressure

dHrcr = ——. (9)
dT

Equation (7) is coupled to fluid flow via the groundwater ve-
locity term (q) that appears there and in Darcy’s law, equa-
tions (1) and (3). Additional coupling between fluid flow and
heat transport occurs through the enthalpy- and pressure-de-
pendent fluid density and viscosity terms, which appear not
only in equations (1), (3), and (7) but also in equation (4),
which is used to calculate the fluid pressure fields that help
drive fluid flow. The couplings are nonlinear because coeffi-
cients that are functions of both dependent variables (e.g., ρv)
are multiplied by the dependent variables.

Solute transport

The transport of a solute component, j, by a flowing fluid
phase, i, can be described by the following mass conservation
equation:

∂(φρiSiCj)————– = ∇ � (φeρiviCj) + ∇ � (SiφeρiD∇Cj) + Rj, (10)∂t

where Cj represents the mass concentration of solute compo-
nent j and D represents the dispersion coefficient tensor. The
term on the left side of equation (10) represents the rate of
solute mass accumulation in an arbitrary volume of porous
rock, the first term on the right side of the equation repre-
sents solute transport by fluid advection, the second term on
the right side of the equation represents solute transport by
dispersion, and the third term, Rj, represents a source or sink
of the solute component. The components of the dispersion
coefficient can be calculated from

vkvl DwDij = αijkl —— + —–, i, j, k, l = 1, …nd, (11) 
|v|     τ

where α is the dispersivity of the porous medium and repre-
sents its tendency to disperse or dilute solute due to pore-
scale velocity variations, Dw is the solute diffusion coefficient
in open water, τ is the tortuosity of the interconnected pore
space, |v| is the magnitude of the average linear velocity, and
nd is the number of spatial dimensions. Like the dispersion
coefficient, the dispersivity is a tensor. In practice, the dis-
persivity is commonly reduced to a three-term matrix consist-
ing of a longitudinal component parallel to the direction of
flow (αL) and two transverse components orthogonal to the
direction of flow, one in the vertical direction (αTV) and one in
the horizontal direction (αTH; Burnett and Frind, 1987). 

Longitudinal dispersivity values are a function not only of
the properties of the rock but also of the scale of measure-
ment and have been reviewed and compiled by Schulze-
Makuch (2005). Transverse dispersivities are typically less
than or equal to longitudinal dispersivities. Ratios of longitu-
dinal to transverse dispersivity of order 100 have been re-
ported from relatively homogeneous aquifers and the ratios
typically decrease with increasing heterogeneity. 

Kinetic rate expressions that affect the concentration of j
can be substituted for Rj. If reactions are treated as reaching
local equilibrium, then mass-action expressions (e.g., Keq =
∏αj

v j) would be computed in tandem with equation (10) at
each time step. Laboratory experiments (e.g., Seyfried, 1987;
Bischoff and Rosenbauer, 1988, 1996; Bischoff et al., 1996;
Foustoukos and Seyfried, 2007), observations of geothermal
spring, sea-floor vent, and volcanic fumarole compositions
(e.g., Giggenbach, 1984; Von Damm, 1990, 1995; Shinohara,
2008), and thermodynamic calculations (e.g., Reed and Spy-
cher, 1984; Symonds et al., 2001) show that circulating hydro-
thermal fluids are highly reactive, which causes strong feed-
back effects in the fluid-flow field. These feedbacks arise
because mineral precipitation and dissolution reactions alter
porosity and permeability, which alters fluid velocity, which
alters heat and solute transport, which in turn affects the den-
sity and viscosity of the fluid and the progress of chemical re-
actions. Reactive solute-transport simulations of hydrother-
mal systems require a tremendous amount of computational
power, in part because the fluid must be speciated at each
time step and an equation (10) must be calculated for every
solute component. Thus simulations have mainly been lim-
ited to one- or two-dimensional domains with relatively sim-
ple geometries. 

Mechanical deformation

Mechanical deformation in elastic rocks subjected to changes
in fluid pressure and temperature can be described by 

G 2(1+v)G∇2u + —— ∇ (∇ � u) = αe∇P̂ + G ——— αT∇T̂, (12)
1–2v 1–2v

where the circumflex (ˆ) above P and T is used to indicate an
increase or decrease, rather than an absolute value, u is the
displacement vector, αe is the effective stress coefficient, αT

is the medium thermal expansivity, and G is the shear mod-
ulus, the ratio of the shear stress to shear strain. This equa-
tion essentially relates strain (or deformation)—on the left
side of the equation—to the stresses imposed by changes in
pressure and temperature. The individual terms in equation
(12) do not readily lend themselves to concise, intuitive def-
inition; we refer interested readers to Neuzil (2003), Wang
(2000), or Ingebritsen et al. (2006, p. 39−61) for full discus-
sion and developments. Calculated pressure changes (from
eq 4) and temperature changes (from eq 7) can be inserted
into equation (12) to obtain the strain and the displacements
experienced by a porous rock matrix. Strain also affects fluid
pressure and permeability and thus, to represent poroelastic
behavior fully, equation (12) must be coupled with a fluid
pressure equation that incorporates a volumetric strain term
(which eq 4 lacks). In this context, “coupling” means that the
equations are linked by incorporating the same strains and
fluid pressures in their mathematical solutions. Problems in
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porothermoelasticity require coupling with equations of heat
transport (such as eq 7) as well. 

The theory of “linear poroelasticity” represented by equa-
tion (12) represents the current state-of-the-art of hydrogeo-
logic modeling. This state-of-the-art is inadequate to describe
fluid flow fully in the many ore deposits such as porphyry and
epithermal deposits that show evidence of repeated shear and
tensional failure with associated dynamic changes in perme-
ability. The theory of coupled flow, transport and inelastic de-
formation is still under development.

Numerical solution

Systems of coupled equations such as equations (1), (4), (7),
(10), and (12) are amenable to analytical solution—direct inte-
gration of the partial differential equations—in only a few very
specialized cases. In general they must be solved by numerical
methods that transform the partial differential equations into
systems of algebraic equations that are conceptually easier but
computationally more laborious than analytical methods. For
numerical solution, the physical domain is represented by a
computational grid consisting of a number of discrete points

 located on the intersection of lines that are orthogonal to each
other (“structured grid”) or in a nonorthogonal arrangement
that can optimize the representation of geometrical features
within the domain (“unstructured grid”). The number of grid
points feasible or desirable in practical applications depends
greatly on factors such as the computational efficiency of the
numerical method and the complexity of the geologic struc-
tures to be represented. At each grid point, values of the para-
meters that describe the physical domain—for example, poros-
ity and permeability—are specified from field or laboratory
determinations, or assumed and subsequently tested and var-
ied during sensitivity analysis. Once parameter values have
been assigned, the governing equations are approximated nu-
merically at each grid point. A number of documented, open-
source algorithms are now available to solve systems of trans-
port equations like those described above (Table 3).

The Controlling Influence of Permeability
“The mantra of hydrogeologists and … ore deposits geologists
alike is ‘permeability, permeability, permeability’…” (Richards
and Tosdal, 2001)
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TABLE 3.  Relative Capabilities of Selected Multiphase Numerical Codes Commonly Applied in Simulations of High-Temperature Hydrothermal Systems

Name1 Tmax Pmax Numerical Reactive
(Reference) (°C) (MPa) method2 transport Deformation CO23 XNaCl3

CSMP++ 1,000 500 FE-FV X
(Matthäi et al., 2007; Coumou, 2008)

FEHM 1,500 FE X X X
(Zyvoloski et al., 1988, 1997; Bower and 
Zyvoloski, 1997; Dutrow et al., 2001; 
Keating et al., 2002)

FISHES4 800 1,000 FV X
(Lewis, 2007; Lewis and Lowell, 2009)

HYDROTHERM 1,200 1,000 FD
(Hayba and Ingebritsen, 1994; 
Kipp et al., 2008)

NaCl-TOUGH2 620 100 IFD X
(Kissling, 2005)

TOUGH2 350 100 IFD X X
(Pruess, 1991; Pruess et al., 1999)

TOUGH2-BIOT 350 100 IFD-FE X X
(Hurwitz et al., 2007)

TOUGH-FLAC 350 100 IFD-FE X X
(Rutqvist et al., 2002)

TOUGHREACT 350 100 IFD X X
(Xu et al., 2004)

1 Interactive websites:
CSMP++ <http://csmp.ese.imperial.ac.uk/wiki/Home>
FEHM <http://fehm.lanl.gov/>
HYDROTHERM <http://wwwbrr.cr.usgs.gov/projects/GW_Solute/hydrotherm/>
TOUGH2 <http://esd.lbl.gov/TOUGH2/>

2 Numerical methods: FD = finite difference, IFD = integrated finite difference, FE = finite element, FE-FV = finite element-finite volume 
3 The columns labeled CO2 and XNaCl indicate whether the EOS formulations include those components
4 Successor model to GTHM (Lowell and Xu, 2000; Bai et al., 2003)



Role of permeability in solute and heat transport

It is evident from Darcy’s law (eqs 1, 3) that the rate at
which fluids flow through geologic media is strongly con-
trolled by permeability. Thus, permeability directly affects
the rates of advective solute and heat transport and therefore
the potential for ore genesis. At sufficiently low permeabili-
ties, solute transport occurs mainly by diffusion (contained
within the dispersion coefficient in the second term on the
right side of eq 10), and heat transport occurs mainly by the
analogous process of heat conduction (third term on the right
side of eq 7). Diffusion and conduction do not depend
 directly on the rate of fluid flow, but except at very low flow
rates, their contributions to solute and heat transport are
small compared to the advective contribution by the flowing
fluid. The effectiveness of advective solute transport (first
term on the right side of eq 10) is proportional to the average
linear pore velocity, v. Analytical solutions for one-dimen-
sional flow and transport (cf. Finlayson, 1992) show that ad-
vection will substantially affect the concentration distribution
for Darcy velocities of q ≥10–13 m/s, assuming a length scale
of a few hundred meters and that φ ~ 0.1. By invoking Darcy’s
law and further assuming a hydraulic gradient less than or
equal to unity (dh/dL <1), we can equate this flow rate to a
hydraulic conductivity of >10–13 m/s. For liquid-water density
ρl and viscosity μl at 15°C, this value of hydraulic conductiv-
ity translates to an intrinsic permeability of k ~ >10−20 m2

(Fig. 1). The effectiveness of advective heat transport (first
and second terms on the right side of eq 7) is proportional to
the quantity cf ρfq, where cf is the heat capacity of the fluid.
Analytical solutions show that, over a similar length scale, ad-
vection of heat by liquid water can begin to affect the tem-
perature distribution substantially at flow rates on the order
of 10−9 m/s (Bredehoeft and Papadopulos, 1965). For dh/dL
<1, this translates to hydraulic conductivities ≥10–9 m/s or
permeabilities of k ~ ≥10−16 m2 (Fig. 1). The roughly 104 dif-
ference between the permeability thresholds for advection-
dominated solute transport and advection-dominated heat
transport is due to the relative efficiency of conduction as a
heat-transport mechanism versus diffusion as a solute-trans-
port mechanism (Bickle and McKenzie, 1987).

In most ore-forming environments both solute and heat
transport are dominated by advection, at least episodically, so
that we can infer k ~ ≥10−16 m2. More likely, permeabilities as-
sociated with most ore deposits are at least k ~ 10−15 m2, which
is the minimum value for commercially viable geothermal
reservoirs (Fig. 1) and has also been shown to be the optimal
value of bulk permeability for generating hot and potentially
vapor-rich hydrothermal plumes (Hayba and Ingebritsen,
1997; Driesner and Geiger, 2007). The most permeable rocks
widely exposed at the Earth’s surface are young, unaltered
basalt flows, with a log k (m2) typically –13 to −9 (Fig. 1).

Effect of permeability on fluid pressure

Low permeabilities can also be process limiting. When per-
meabilities are sufficiently low, the fluids generated or re-
leased by such processes as subsidence and sedimentation,
petroleum generation, pressure solution, crustal deformation,
and mineral dehydration can significantly influence fluid
pressures. These phenomena can all be expressed in equation

(4), either in terms of compression or expansion of the
medium (on the left side of eq 4) or addition of fluid (the Rm

term on the right side of eq 4). Fluid release (or sequestra-
tion) by various geologic processes can have a very large ef-
fect on fluid pressures when moderately large regions of a
flow domain (L >100 m) are composed of or bounded by ma-
terial with log k (m2) ~ ≤−17 (based on |Γd| > 1, where Γd is
[RmL]/[ρfK] and K is the hydraulic conductivity, kρf g/μf ;
Neuzil, 1995; Fig. 1). Many ore deposits record evidence of
episodically high fluid pressures and thus log k ~ ≤−17, at
least episodically (e.g., Jowett, 1987; Henley and Hughes,
2000; Sibson, 2001; Gruen et al., 2010). The least permeable
rocks widely exposed at the Earth’s surface are marine shales,
which commonly act as aquitards or confining layers to main-
tain high fluid pressures (log k typically −21 to −19, Fig. 1).

Anisotropy in permeability

Throughout this discussion of permeability we have ig-
nored its directional dependence (anisotropy) and for the
most part will continue to do so, although permeability in the
general case is regarded as a second-order tensor (eqs 1, 3, 4).
Anisotropy is typically imparted by rock fabric, such as sedi-
mentary or volcanic bedding, jointing and fracturing, or meta-
morphic foliation. Anisotropy can be characterized by mea-
suring permeability in the direction of the rock fabric and in
the directions orthogonal to the rock fabric. Permeability of
rock samples (e.g., drill core) can be measured in the labora-
tory by applying a known pressure gradient across the sample
and determining the flow rate of fluid through the rock, though
such measurements commonly underestimate the larger scale
permeability of hydrogeologic units. Various field methods
for measuring permeability have been devised (e.g., pump
tests in groundwater withdrawal wells and slug and packer
tests in monitoring wells or well bores; U.S. Bureau of Recla-
mation, 2001) whose results are valid over larger scales (10s
to 100s m) but typically assume permeability to be isotropic.
Geochemical proxies for permeability, such as water/rock ra-
tios typically offer little information about anisotropy as they
tend to reflect the primary orientation of flow. Thus,
anisotropy can be difficult to constrain accurately, particularly
for paleoflow systems such as those that form ore deposits. 

Permeability-depth relationships

Global-scale compilations suggest some possible con-
straints on numerical values of permeability. Geothermal data
and estimates of fluid flux during prograde metamorphism
have been used to constrain the mean permeability of the
continental crust (Fig. 3). A power-law fit to these data yields
a geothermal-metamorphic permeability-depth curve,

log k ≈ −14 − 3.2 log z, (13)

where k is in m2 and z is in km (Manning and Ingebritsen,
1999). The geothermal data represent 0 to 10 km depth and
come from a variety of tectonic settings, including sedimen-
tary basins, volcanic terranes, and crystalline bedrock. The
metamorphic data represent 6 to 30 km depth in regions un-
dergoing active metamorphism and tectonism (i.e., orogenic
belts). The empirical fit to this data (eq 13; Fig. 3a, blue
curve) defines a value of log k (m2) at 1 km depth (−14) that
is equivalent to Brace’s (1980) mean in situ permeability of
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crystalline rocks. Below a depth of about 10 to 15 km, the
base of the brittle-ductile transition zone in most tectonically
active crust (Ruff, 2004), permeability effectively remains
constant at about log k ≈ −18.3 (Fig. 3b, blue curve). The val-
ues of k from metamorphic systems likely reflect the maxi-
mum principal component of the permeability tensor, which
in many cases seems to be subhorizontal (e.g., Ferry, 1992). A
modest degree of anisotropy (kz /kx ~1/10) would permit fluid
pressures in the deeper crust to be near lithostatic (e.g., Fyfe
et al., 1978) for the average metamorphic q value of ~10−11

m/s (Ingebritsen and Manning, 1999). Townend and Zoback
(2000) found equation (13) to be compatible with data from
in situ hydraulic tests and from seismicity induced either by
fluid injection or reservoir impoundment, and equation (13)

has since been used successfully in modeling crustal-scale
fluid flow (Lyubetskaya and Ague, 2009) and shown to be rea-
sonably compatible with other independently compiled data
(Shmonov et al., 2002, 2003; Saar and Manga, 2004; Stober
and Bucher, 2007).

The dynamic nature of permeability

Many economic geologists, geophysicists, and metamorphic
petrologists have long recognized permeability as a dynamic
parameter that changes in response to tectonic stress, dewa-
tering and fluid production, and other geochemical reactions
(e.g., Sibson et al., 1975; Walder and Nur, 1984; Yardley,
1986; Sibson, 1987; Titley, 1990; Hanson, 1992, 1995, 1997;
Rice, 1992; Dutrow and Norton, 1995; Connolly, 1997; Cox,
2002; Sibson and Rowland, 2003; Yardley and Baumgartner,
2007). This view is in stark contrast to the traditional hydro-
geologic concept of permeability as a relatively static material
property that exerts control on fluid flow. However, a growing
body of observational evidence suggests that the permeability
of the brittle upper crust may be dynamically self adjusting,
responding to tectonic stress (e.g., Townend and Zoback,
2000) and external fluid sources (Rojstaczer et al., 2008),
much as the lower crust responds to the magnitude of inter-
nal fluid sources (e.g., Fyfe et al., 1978). This evidence seems
compatible with the concept of “dynamic permeability”
(Cathles and Adams, 2005).

Substantial evidence exists for local-to-regional-scale, tran-
sient, permeability-generation events that require permeabil-
ities much higher than the mean k-z relationships such as
equation (13) would suggest (Ingebritsen and Manning,
2010). Compilation of such data from disturbed, seismically
active crust yields a best fit of

log k ≈ −11.5 − 3.2 log z, (14)

suggesting a similar functional form, but shifted to higher
permeability at a given depth (Fig. 3a). Both the original geo-
thermal-metamorphic data set (eq 13; Fig. 3a, blue curve)
and the disturbed crust data set (eq 14; Fig. 3a, black curve)
suggest high variance and strong depth dependence of per-
meability at crustal depths of less than 10 to 15 km, with less
variance and essentially no depth dependence below 10 to 15
km depth, the approximate depth of the brittle-ductile transi-
tion. This supports a general distinction between the hydro-
dynamics of a brittle upper crust and a ductile lower crust
that is dominated by devolatilization reactions and internally
derived fluids. Both data sets can reasonably be fitted with a
constant value of log k below 12.5 km depth, with an offset of
about two orders of magnitude (log k (m2 ) ~ −18.3 vs. log k
~ −16.0). Although the disturbed crust values in Figure 3 may
be ephemeral in the context of geologic time, they can be
 crucially important from the standpoint of heat and mass
transport.

Data from deep boreholes around the world have gradually
elucidated the relationship between fluid pressure, stress,
and permeability in the brittle upper crust (Raleigh et al.,
1976; Hsieh and Bredehoeft, 1981; Barton et al., 1995; Tow-
nend and Zoback, 2000). These data indicate that most hy-
draulically conductive fractures are critically stressed (very
near the point of failure) under the existing state-of-stress
(Fig. 4). This in turn implies that any small increase in fluid
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FIG. 3.  Solid blue curves represent the mean permeability of tectonically
active crust and are based on coupled models of groundwater flow and heat
transport fitted to geothermal observations (0−10 km depth) and site-specific
estimates of metamorphic fluid flux (6−30 km depth; Manning and Ingebrit-
sen, 1999; Ingebritsen and Manning, 2002). Solid black curves are fitted to
permeability data for disturbed crust: rapid migration of seismic hypocenters
(solid circles); enhanced rates of metamorphic reaction in major fault or
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After Ingebritsen and Manning (2010): (a). Power-law fit to data (eqs 13, 14).
(b). Data below 12.5 km depth fitted with constant values of 10−18.3 m2 (blue
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pressure can trigger failure on (and increase the permeability
of) appropriately oriented fractures. 

How much pressure (or stress) change might trigger seis-
micity and enhance permeability? Data from the Rocky
Mountain Arsenal indicate that fluid injection-induced failure
occurred there at relatively low fluid pressures (Hsieh and
Bredehoeft, 1981). The initial fluid pressure in the injection
zone was ~27 MPa at 3.6 km depth. The pressure increase re-
quired to trigger failure was only about 3 MPa, implying that
the Precambrian gneiss beneath the Denver basin was failing
when fluid pressures were still subhydrostatic relative to the
land surface. Thus high absolute values of fluid pressure are
not required for failure. Both the Rocky Mountain Arsenal
example and the borehole data compiled in Figure 4 suggest
that small pressure (stress) changes can trigger failure even
when pressures are near hydrostatic.

The causal pressure (stress) change may sometimes be much
smaller than the value of 3 MPa documented at the Rocky
Mountain Arsenal. A growing number of cases have been
documented in which seasonal variations in seismicity are at-
tributed to hydrologic effects (Wolf et al., 1997; Ohtake and
Nakahara, 1999; Heki, 2001, 2003; Saar and Manga, 2004;
Christiansen et al., 2005, 2007; Hainzl et al., 2006; Bollinger
et al., 2007; Bettinelli et al., 2008), as well as many well-doc-
umented cases of seismicity induced by dams and subsequent
reservoir impoundment (Talwani et al., 2007). Some of these
observations suggest shear failure in response to stress changes
on the order of 10−1 MPa or less. Presumably any finite shear
offset would have some finite effect on permeability.

Many hydrothermal veins appear to record numerous pulses
of rapid hydrothermal flow (k ≥10−15 m2) interspersed with
episodes of much slower flow that may indicate permeabilities
sufficiently low to allow substantial fluid-pressure increases (k
~ ≤10−17 m2). The offset permeability-depth curves in Figure
3 suggest a semiquantitative perspective on such behavior.

Permeability may perhaps be viewed as cycling between
mean conditions (blue curves) and disturbed-crust conditions
(black curves). The similar form of the mean and disturbed
crust curves may reflect a confining pressure-dependence of
porosity-strain and permeability-strain relationship (Cox,
2002, fig. 1). However, even the disturbed-crust values of Fig-
ure 3 may underestimate the maximum transient permeabili-
ties. In prograde metamorphism and sedimentary diagenesis,
for instance, fluid generation can be an intermittent process.
Produced fluid may migrate through the crust as high poros-
ity and permeability waves (Connolly, 1997; Appold and
Nunn, 2002). Resolving full cycles of transient permeability
build-up and decay has so far been difficult, as geochemical
or thermal alteration signatures produced along the flow
paths represent time-integrated fluid fluxes and average per-
meabilities, though some four-dimensional seismic studies
have yielded promising results (e.g., Haney et al., 2005).

Implementation of permeability in THMC models

Economic geologists have long recognized that the quantity
named “intrinsic permeability” by hydrogeologists is in fact a
dynamic parameter. This understanding is nicely summarized
by Cox (2005, p. 39):

“… elevated temperature, elevated confining pressure, and
the presence of reactive pore fluids typically drive rapid de-
struction of permeability in fractured and porous rock. Ongo-
ing deformation is required to regenerate permeability and
facilitate the high fluid flux necessary to produce hydrother-
mal ore deposits. A dominant influence is provided by …
stress states, fluid pressures, and reactions that … compete
with permeability destruction… Devolatilization reactions in
prograding metamorphic systems play a key role in generating
transitory elevated permeability in deep crustal reservoirs…
Below the [brittle-ductile] transition, steady-state-creep
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processes favor near-constant permeabilities and continuous
fluid flow. In the seismogenic [brittle] regime, large changes
in … permeability during the seismic cycle produce episodic
flow… To achieve the necessary time-integrated fluid fluxes
[for ore deposits] requires redistribution of fluid … during
numerous rupture cycles…”

However, such sophisticated conceptual understanding is diffi-
cult to implement fully in quantitative THMC models such as
those represented by the governing equations discussed in the
previous section on“Processes Driving Fluid Flow and Trans-
port.” Solution of these equations requires actual numerical
values of permeability (and other material properties) to be
specified at every grid point within a network that represents
the physical domain. Recent quantitative work on dynamic per-
meability represents an initial attempt to model (Rojstaczer et
al., 2008) and parameterize (Ingebritsen and Manning, 2010)
this sophisticated conceptual model, but it is not yet possible to
model the dynamic evolution of permeability over many orders
of magnitude in a satisfactory way. Current quantitative models
of hydrologic-mechanical coupling (i.e., permeability creation)
typically invoke either single or multiple continua (with, for in-
stance, linear poroelasticity; eq 12) or single, discrete fractures.
Only recently have Earth scientists begun to simulate multi-
ple, interacting fractures (Paluszny and Matthai, 2009) and
their hydraulic consequences (Paluszny and Matthai, 2010).
Modeling of hydrologic-chemical coupling and its hydraulic
consequences (mainly permeability destruction through min-
eral precipitation) is hampered by inadequate knowledge of
the properties of complex fluids (e.g., ρ and μ and their partial
derivatives), incomplete reaction-rate and thermodynamic
data for many reactions of interest, and ambiguity regarding
the appropriate porosity-permeability relationships (Lu and
Kieffer, 2009; Ingebritsen et al., 2010). However, ongoing in-
vestments in geologic carbon sequestration and geothermal
energy (e.g., Fairley et al., 2010) are driving sustained efforts
to understand and model permeability evolution better.

The current state-of-the-art representation of permeability
enhancement by inelastic strain is embodied in the shear-di-
lation model (Willis-Richards et al., 1996; Rahman et al.,
2002; Kohl and Megel, 2007), which can be written

α0 + Ustan(Φdil)k1/3 � α = ———————, (15)
1 + 9σeff/σnref

where α is the total fracture aperture after dilation, α0 is the
initial aperture, Us is shear displacement, Φdil is the shear di-
lation angle, σeff is the effective normal stress, and σnref is ef-
fective normal stress to a fracture. This model applies to a
known distribution of idealized (penny-shaped) cracks—
mapped or stochastically generated—and assumes Mohr-
Coulomb-style failure and that the cubic law for permeability
applies; that is, fracture permeability k = Nd3/12 where N is
fracture spacing and d is fracture aperture (Snow, 1968).
Most of the independent variables in equation (15) are poorly
constrained, and model validation is limited.

Permeability and earthquakes

A growing body of evidence indicates that the dynamic
strain (strong ground motion) associated with distant earth-
quakes can significantly enhance permeability (Rojstaczer et

al., 1995; Sato et al., 2000; Elkhoury et al., 2006; Manga and
Rowland, 2009). A seismic energy density of ~ >10−1 J/m2 can
enhance permeability by up to a factor of ~15 (Wang and
Manga, 2010), though this enhancement is unlikely to be
great enough to promote ore deposition in rocks that were
not already relatively permeable. Much greater permeability
enhancement and therefore potential for ore formation is
possible proximal to earthquakes, where intensive shear or
tensional failure can occur, particularly in locations where
earthquakes are recurrent. This explains the well-known as-
sociation of ore deposits with faults. 

Many ore deposits are associated specifically with fault jogs
and tips rather than the principal, throughgoing portions of
faults, for which at least two explanations are possible (Mick-
lethwaite et al., 2010): (1) large offsets (mainshocks) on well-
developed, throughgoing faults may not generate much per-
meability because the fault core consists of ductile material
with an initially low (k = 10−22 to 10−18 m2; Morrow et al.,
1984) and hard-to-increase permeability; (2) mainshocks on
the main fault do in fact generate substantial permeability,
but it is short-lived, and recurrence intervals are large; thus
numerous aftershocks near fault jogs and tips (Fig. 5) main-
tain permeability more effectively. During the lifetime of a
large, active fault system, aftershock domains localized by
large fault jogs may be reactivated thousands of times (Sib-
son, 2001; Cox, 2005; Micklethwaite et al., 2010). In strike-
slip environments, jogs promote vertical connectivity (e.g.,
Cox, 2005) whereas in normal- or reverse-fault environments,
jogs have subhorizontal plunges. In either case, they must tap
metal-fertile reservoirs to become mineralized.

It is clear that permeability can be enhanced by sufficiently
low effective stress (sufficiently high fluid pressure). One
model that provides a reasonable fit to data from the upper
few kilometers of the crust is

k = k0exp(−σeff/σ*), (16)

where k0 is a reference permeability, σeff is the effective nor-
mal stress (σ – P), and σ* is an empirical constant (Rice,
1992). Fault-valve models that invoke fluid-pressure-driven
permeability enhancement have been applied to mesother-
mal (≥200°−300°C) and epithermal gold systems (Sibson et
al., 1988; Willis and Tosdal, 1992) and entail sudden perme-
ability enhancement by fault rupture that opens connections
between deeper, metal-fertile high-pressure reservoirs and
shallower, low-pressure reservoirs. The 1997 Mw 5-6 Umbria-
Marche thirty-day earthquake sequence (Miller et al., 2004)
and the 2009 Mw 6.3 L’Aquila, Italy earthquake (Lucente et
al., 2010; Terakawa et al., 2010) may be emblematic of fault-
valve behavior. A subducting carbonate platform provides a
continuous supply of deeply derived CO2 to Italy west of the
Apennines, where diffuse degassing is observed over large re-
gions. High fluid pressures at depth were postulated in the
case of the Umbria-Marche sequence (Miller et al., 2004) and
also appear to have contributed to the 2009 L’Aquila earth-
quake (Savage, 2010). Assuming that seismic slip on optimally
oriented faults occurs under hydrostatic fluid pressures (Fig.
4), overpressured reservoirs (≤40 MPa excess pressure) are
inferred to occur at 7.5 to 10 km depth in the L’Aquila region
and correspond closely to earthquake hypocenters (Terakawa
et al., 2010). An abrupt change in the elastic properties of
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rocks in the fault region (the ratio between compressional-
and shear-wave velocity, Vp /Vs), coincident with the largest
foreshock (Mw 4.0) near L’Aquila, was attributed to breaking
of a seal between hanging wall and footwall and subsequent
redistribution of fluids (Lucente et al., 2010).

Ore Deposits in Sedimentary Settings
Many sediment-hosted deposits such as Mississippi Valley-

type (MVT) lead-zinc deposits, sediment-hosted massive sulfide
(SMS) deposits, and tabular uranium deposits formed in the
absence of significant local, concurrent mechanical deforma-
tion. Thus, paleohydrologic reconstructions based on systems
of fluid flow and heat- and solute-transport equations such as
equations (1), (4), (7), and (10) can be regarded as physically
rigorous and have provided valuable genetic insights over the
past several decades. In the ensuing discussion we focus on
ore deposits that formed in sedimentary basins generally in

the absence of concurrent igneous activity, emphasizing MVT
deposits in particular. The magmatic-hydrothermal deposits
discussed in the subsequent section entail additional com-
plexities and challenges.

Most hydrothermal ore deposits form in highly permeable
rocks (Misra, 2000). This high permeability may be a dynamic
feature of the rocks, for example, in areas of active magma-
tism and/or faulting where permeability can increase and sub-
side episodically, or a static feature of the rocks, for example,
in aquifers that have a high intrinsic permeability and are not
subjected to major thermal or mechanical stresses.

Mississippi Valley-type (MVT) deposits

Mississippi Valley-type deposits typically occur as strata-
bound mineralization in permeable platform carbonate rocks
or, more rarely, sandstones (Leach and Sangster, 1993; Leach
et al., 2010). The most common ore minerals include sphalerite
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(ZnS), galena (PbS), barite (BaSO4), and fluorite (CaF2). MVT
deposits occur worldwide, but those of the United States mid-
continent have historically been the most productive and are
the best studied. As recently as the mid-1970s, a single ore
district in Southeast Missouri, the Viburnum Trend, ac-
counted for 15% of world and 85% of United States lead pro-
duction (Vineyard, 1977), though the district’s relative pro-
ductivity has now fallen to about 2.7% of world and 26% of
United States lead production (U.S. Geological Survey, 2011).
The United States midcontinent MVT deposits appear to
have formed from brines that migrated laterally for hundreds
of kilometers (Bethke and Marshak, 1990; Garven et al.,
1993; Appold and Garven, 1999; Appold and Nunn, 2005).
Paleomagnetic dating (Wu and Beales, 1981; Wisniowiecki et
al., 1983; Pan et al., 1990; Symons and Sangster, 1991;
Symons et al., 2005) and radiometric dating (Brannon et al.,
1996a, b; Coveney et al., 2000) indicate that the deposits
formed mainly during large compressional tectonic events.

Many lines of evidence point to the importance of regional-
scale fluid flow in MVT genesis; uniformity of sphalerite band-
ing (McLimans et al., 1980) and cathodoluminescent banding
(e.g., Rowan, 1986) in samples across distances of 10s to 100s
of kilometers, regionally coherent lead isotope patterns (Heyl
et al., 1966; Goldhaber et al., 1995), regional-scale chemical re-
setting of paleomagnetic pole positions (McCabe and Elmore,
1989), the involvement of mineralizing brines derived from
distant basins (Garven, 1985; Leach, 1994), and the deposits’
anomalously high formation temperatures of 80° to 150°C at
inferred shallow formation depths of <2 km (e.g., Beaumont
et al., 1987; Pelch, 2011; Wenz et al., 2012), in contrast with
typical continental temperature gradients of 20° to 35°C/km
(e.g., Jessop, 1990). Principles of physical hydrology discussed
in the preceding sections have played a valuable role in eval-
uating driving mechanisms and paths of fluid flow, character-
izing the temperature and salinity evolution of mineralizing
fluids, and constraining the time available for mineralization. 

The formation of large, sediment-hosted Pb-Zn (and Cu-
Pb-Zn) deposits likely requires the mineralizing fluids to
have been able to travel through highly permeable confined
aquifers (Cathles and Adams, 2005). In the United States
midcontinent this can be seen from the fact that all of the
major MVT deposits and likely ore-fluid travel paths are in
aquifers that were probably separated from the paleoground
surface by intervening regional aquitards (e.g., Jolly and
Heyl, 1964; Grogan and Bradbury, 1968; Heyl, 1968; Gay-
lord, 1995; Appold and Garven, 1999). Such confinement by
overlying low-permeability units would promote the long-
distance transport of heated groundwater by inhibiting mix-
ing and isolating deeper flow systems from the perturbing ef-
fects of local topography, which tend to interrupt and
short-circuit regional flow paths (Freeze and Witherspoon,
1967; Garven, 1989).

Groundwater temperatures significantly higher than the
conductive temperature gradient generally require perme-
ability heterogeneity (Forster and Smith, 1989; Hurwitz et
al., 2003). Groundwater systems with uniformly high perme-
ability are effectively cooled by fluid advection, with the im-
portant exception of hydrothermal plumes driven by large
and shallow, localized magmatic heat input (such as at mid-
ocean ridges: Jupp and Schultz, 2000; Coumou et al., 2008).

By contrast, in systems with uniformly low permeabilities,
temperatures follow the conductive geothermal gradient as
the advective heat transport contribution will be low (see eq
7).

Confinement is one common and important form of per-
meability heterogeneity, and particularly relevant to MVT
and other stratabound base metal deposits. A simple criterion
for effective confinement is

b kcon— << ——, (17)
L kaq

where b is confining-layer thickness, L is aquifer length, and
kaq and kcon are permeabilities of the aquifer and confining
layer, respectively (Phillips, 2009, p. 100−105). For the great
aquifer systems of the midcontinent of the United States, b is
on the order of 100s of m, L is on the order of 100s of km, and
log kaq and log kcon (m2) are approximately −12 (Gleeson et al.,
2011) and −16 to −20 (Neuzil, 1994), respectively, meaning
that the regional-scale aquifer systems are effectively confined.

The MVT deposits of the central United States have been
the subject of many paleohydrogeologic reconstructions. Ex-
tensive TH, THM, and THC modeling has explored several
genetic hypotheses (Sharp, 1978; Bethke, 1985; Garven et al.,
1993; Arnold et al., 1996; Garven and Raffensperger, 1997;
Appold and Garven, 1999, 2000; Nunn and Lin, 2002; Appold
and Nunn, 2005).

The hypothesis that mineralizing brines were driven up-
ward and toward basin margins by vertical loading and/or tec-
tonic compression (e.g., Oliver, 1986) has been generally dis-
missed, because numerical modeling indicates that the rates
of fluid flow from steadily compacting basins would be too
small to explain the thermal observations (Cathles and Smith,
1983; Bethke, 1985). In a purely compaction-driven flow
regime, flow rates would be sufficient only to raise near-sur-
face temperatures in relatively small discharge areas, whereas
fluid inclusion data indicate anomalous temperatures on a re-
gional scale (e.g., Coveney et al., 1987; Ragan et al., 1996).
Compaction-driven flow of pore waters originally stored in
the sediments constitutes a finite source of fluids that seems
unable to deliver sufficient heat (Bethke, 1985) and may
(Cathles and Adams, 2005) or may not (Ge and Garven, 1992)
provide sufficient brine volume.

For gravity-(topography-) driven flow models, the availabil-
ity of fluid is limited only by the likely recharge rates and
aquifer permeabilities, and by the longevity of the flow sys-
tem; such models are much better able to explain the thermal
observations than the compaction-driven flow models (e.g.,
Garven and Freeze, 1984a, b; Bethke and Marshak, 1990;
Garven et al., 1993). Required fluid-flow velocities are large,
typically on the order of at least meters per year (Garven and
Freeze, 1984b; Appold and Garven, 1999), but perhaps not
unreasonably so in light of the likely high permeability (k
≥10−12 m2) of the regional aquifers of the United States mid-
continent during the time of MVT ore formation. 

Elevated temperatures in topography-driven flow regimes
require high permeability not only in the ore-fluid aquifer,
but also high permeabilities (k >10−13 m2) in the recharge
zone (Garven, 1984b; Deming and Nunn, 1991; Appold and
Garven, 1999; Nunn and Lin, 2002; Appold and Nunn, 2005).
If permeabilities were significantly lower, then groundwater
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temperatures near the shallower basin margins, where many
MVT deposits occur, would not reach the 100° to 150°C win-
dow recorded by fluid inclusions unless regional heat flow
was anomalously high (≥80 mW/m2), thermal conductivity of
one or more stratigraphic units above the deposits was very
low (e.g., because of high organic shale or coal content, or
high porosity), or MVT deposit formation depths were signif-
icantly greater than has previously been estimated. Topogra-
phy-driven flow systems in which permeabilities are high
enough to allow advective heat transport to perturb the con-
ductive geothermal gradient also tend to flush saline fluids
from sedimentary basins with dilute meteoric water in rela-
tively short periods of time, on the order of a few million years
or less. This therefore leaves a similarly short window of time
during which flow rate, temperature, and salinity could have
simultaneously been high enough for MVT deposit formation. 

These relationships prompted Deming (1992) to propose
an alternative model involving convection in crystalline base-
ment rock underlying the sedimentary strata (Fig. 6). En-
hanced basement permeability induced by the orogenic event
itself allows convection cells to develop; heat and metals
leached by the convection cells feed into an overlying gravity-
driven flow system. Convection in the basement was assumed
to be an inherently episodic process that might account for
the rhythmically banded nature of some MVT deposits. This
alternative model has yet to be fully explored via THMC
modeling, in part because it raises the issue of inelastic de-
formation and associated dynamic variations in permeability,
for which a fully satisfactory theory has yet to be developed.
Convective circulation through basement rock has been in-
voked to explain characteristics of similar strata-bound lead-
zinc deposits in Ireland (Russell, 1978; Everett et al., 1999;
Wilkinson et al., 2005), where field relationships show a close
association with faults that penetrate metamorphic basement.
Fluid inclusion data from Ireland indicate mean tempera-
tures of ~200°C (Hitzman and Beatty, 1996), and lead isotope
data suggest that the lead was derived from relatively local
basement rock (LeHuray et al., 1987). Though some workers
have proposed that the convective circulation in Ireland oc-
curred in conjunction with topography-driven flow initiated
during the late Paleozoic Hercynian orogeny (Hitzman and
Beatty, 1996; Garven et al., 1999), the convection is now
thought to have developed in an earlier, Mississippian passive
margin or rift environment (Blakeman et al., 2002; Wilkinson
et al., 2005). 

A more recent hypothesis for genesis of the United States
MVT deposits involves gas pulsars (Cathles and Adams, 2005;
Cathles, 2007). However, this hypothesis too has yet to be
tested quantitatively by THMC modeling, again perhaps at
least in part because of the computational challenges. This
model calls for rapid, episodic brine expulsion by overpres-
sured gas and would allow high salinity in the basin to be
maintained over much longer periods of time, while still
 allowing for elevated heat transport and temperature at the
sites of deposit formation during brief episodes of rapid flow.
Huge volumes of methane-saturated low-permeability sedi-
ments (≥10−16 m2; Cathles and Adams, 2005) are present in
the central parts of many source basins (e.g., Appalachian and
Arkoma basins, western Canada sedimentary basin).

Tabular uranium deposits

Like the MVT lead-zinc deposits of the central United
States, tabular uranium deposits can be placed in the context
of regional groundwater flow systems that may have extended
laterally for 100s of km (Fig. 7). The important deposits of the
Colorado Plateau, which account for about 65% of United
States production and reserves (Chenoweth and McLemore,
1989), can be understood in the context of groundwater flow
from the Mogollon Highlands (northwest Arizona) and Elko
Highlands (southeast Utah) toward low-lying areas that ex-
tend north from the Four Corners region at the Utah-Col-
orado-Arizona-New Mexico border (Sanford, 1990, 1992,
1994; Hansley and Spirakis, 1992). This regional groundwater
system reached depths of a kilometer or more, becoming
highly saline as it interacted with widespread evaporites. The
groundwater likely also became alkaline and possibly en-
riched in uranium as it altered rhyolitic ash contained in tuffa-
ceous sandstones of the Morrison aquifer (k ~ 10−13 m2;
Thomas, 1989) to montmorillinite (Zielinski, 1982). The
groundwater eventually discharged along broad paleotopo-
graphic lows where it interacted with locally derived, shallow,
dilute groundwater. Some of this shallow groundwater may
have originated as recharge in wetlands from which humate
was transported and deposited along an interface between
the dilute and saline groundwater. The humate would have
served as a reductant for uranium, causing its precipitation
(e.g., Langmuir, 1978; Krauskopf, 1979). A genetic relation-
ship between tabular uranium deposits and organic reducing
agents is clearly demonstrated by their intimate association
with dark, pore-filling, amorphous organic material that is sol-
uble (humate; Turner-Peterson and Hodges, 1986), and by
the concentration of uranium minerals around buried logs,
bone fragments, and lenses of dark shale. Codeposition of hu-
mate and uranium at a stable interface between two density-
stratified fluids can explain both the tabular shape of the de-
posits (up to 1,000s of m in breadth by a few meters thick)
and their tendency to dip away from inferred areas of ground-
water discharge (Ortiz et al., 1980). Quantitative groundwater
modeling has helped to constrain the driving mechanisms for
fluid flow (Sanford, 1994). The flow hypothesized to have
been caused by compaction of Mesozoic shale or more recent
lacustrine muds would have been overwhelmed by the flow
caused by the northeast-trending topographic gradient from
the Mogollon highlands and, locally, by density-driven con-
vection beneath playas.
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convection due to deformation-induced permeability enhancement in the
underlying crystalline basement, and lead-zinc deposition at a geochemical
barrier. From Deming (1992).



Overpressured fluids in stratiform copper deposits

Neither the MVT deposits of the United States nor the Col-
orado Plateau uranium deposits show much evidence of sub-
stantially elevated fluid pressures (Sanford, 1990, 1992;
Pelch, 2011; Wenz et al., 2012). However, stratiform copper
deposits at White Pine, Michigan, Kupferschiefer Cu-Pb-Zn
deposits in Germany and Poland, and Zairian and Zambian
copper  deposits are attributed to compaction-driven brine
upflow from permeable clastic sediments into organic- and
pyrite-rich shales (Cathles and Adams, 2005). Concordant
subvertical and subhorizontal veinlets and sand flames (for in-
stance at White Pine) document near-lithostatic pore-fluid
pressures. Modeling of elevated pore-fluid pressures as a hy-
drodynamic phenomenon (generally solving eqs 1 and 4 only)

 indicates that the permeability over which an active sedimen-
tary basin becomes overpressured ranges from k ~10−20 to
~10−17 m2, depending on the compaction rate and the degree
of overpressure (Bredehoeft and Hanshaw, 1968; Bethke,
1986; Neuzil, 1995).

Supergene enrichment of porphyry copper deposits

In this section we have focused on mineral deposits related
to large-scale regional groundwater flow. There are also
 important examples of economic mineralization caused by
essentially in situ diagenetic processes. Supergene enrich-
ment of porphyry copper deposits has been explored with
hydraulic-chemical (HC) modeling, that is, models that
solve equations analogous to equations (1), (4), and (10) only.
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 Although porphyry copper deposits form at depth in mag-
matic hydrothermal systems (see “Magmatic-Hydrothermal
Ore Deposits,” below), many are economically viable only be-
cause they have later undergone supergene enrichment due
to weathering and groundwater percolation near the water
table. Pyrite and chalcopyrite weather to form hematite above
the water table and chalcocite (Cu2S) at and below the water
table, producing an acid drainage (Sillitoe, 2005). As many of
the secondary minerals are copper sulfides, mobilization of
sulfur plays an important role. Early HC modeling showed
that the amount of oxygen present is a key control on the sys-
tem and that the dominant source of sulfur for precipitation
of ore minerals was the primary minerals in the protore zone,
rather than sulfate migrating from the leached zone (Ague
and Brimhall, 1989). Furthermore, two end-member hydro-
geologic environments of enrichment have been recognized:
(1) a deep water-table environment where rapid oxidation
causes a sizable oxidation blanket to develop rather quickly
(in 10s of 1,000s of yrs), and (2) a shallow water-table envi-
ronment with slow oxidation and enrichment that may take
place over hundreds of thousands to a million years (Lichtner
and Biino, 1992). The deposits in northern Chile (Alpers and
Brimhall, 1988, 1989) may be an example of the former,
whereas the deposits in Papua New Guinea may be an exam-
ple of the latter (Bamford, 1972; Titley, 1978; Ague and
Brimhall, 1989).

Magmatic-Hydrothermal Ore Deposits
“Much of what is known about the complex physical and
chemical evolution of magmatic-hydrothermal fluids between
the deep plutonic regime of granitoid intrusions and the fu-
marolic emanations observed in active volcanoes comes from
the study of fluid inclusions in veins from … ore deposits…”
(Redmond et al., 2004)

Characteristics of porphyry and epithermal ore deposition

Many ore deposits involving silver and gold and the sulfides
of copper, molybdenum, tin, lead, zinc, and mercury are as-
sociated with magmatic heat sources and localized in vein
networks that once hosted hydrothermal fluid circulation.
Conceptual (Fig. 8) and semiquantitative (Fig. 9) models of
fluid circulation around shallow magma bodies incorporate
many important ore-forming environments. Porphyry copper
deposits form in near-magma environments where reactive
magmatic fluids encounter large gradients in both tempera-
ture and chemical composition (Sillitoe and Meinert, 2010).
Upward movement of magmatic volatiles, involving progres-
sive equilibration with the host rock (e.g., Reed and Palandri,
2010), can produce hydrothermal alteration in the epithermal
environment characterized by low fS2, minerals such as
 adularia (K[AlSi3O8]) and sericite (fine-grained KAl2(OH)2

[(AlSi3)O10]), and both base and precious metal deposits. Con-
densation of magmatic vapors containing acidic components
(HCl, SO2, H2SO4) in groundwater at shallow depths under
nonequilibrium conditions produces advanced argillic alter-
ation, with minerals such as alunite (K[Al3(OH)6(SO4)2]) and
kaolinite (Al4(OH)8[Si4O10]) plus a siliceous residue; in some
cases copper and gold mineralization can form ore deposits in
these environments. Porphyry ore deposits are associated
with fluids of widely varying salinities, from only a few to

nearly 80 wt % NaCl equiv (Burnham, 1997; Misra, 2000;
Heinrich et al., 2005). By contrast, epithermal deposits are as-
sociated with lower salinities, ranging from a high of about 23
to as low as <1 wt % NaCl equiv (Simmons et al., 2005). Many
epithermal gold deposits form by boiling and loss of vapor, in-
cluding H2S, from a variable mixture of magmatic and mete-
oric fluids within 1 km of the surface (Figs. 8, 10; Simmons et
al., 2005). Boiling also has the effect of raising the pH of the
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liquid phase due to CO2 loss, which can cause precipitation of
calcite and/or adularia. Mixing can occur along the laterally
flowing limbs of gravity- or density-driven hydrothermal sys-
tems (e.g., at Creede, Colorado; Plumlee, 1989; Hayba, 1993,
1997).

In most cases, the sources of the fluids and solutes that
formed a hydrothermal ore deposit are incompletely known.
Oxygen and hydrogen isotope data indicate that meteoric
 waters were present in many magmatic-hydrothermal envi-

ronments, particularly at late stages. Oxygen isotope exchange
between meteoric waters and igneous rocks results in rocks
with low 18O contents, and such 18O-depleted rocks are ubiq-
uitous in areas of hydrothermal alteration (see e.g., the
overviews by Taylor, 1979; Criss et al., 1991). There is also
abundant chemical and isotopic evidence for contribution of
magmatic fluids and solutes to ore-forming hydrothermal sys-
tems (e.g., Hedenquist, 1992; Hedenquist and Lowenstern,
1994). In initially low-permeability host rocks, a magmatic
component dominates an early advective or expulsive stage of
fluid flow (Shinohara and Hedenquist, 1997; Hedenquist et
al., 1998), with the magmatic signature subsequently over-
printed by that of meteoric fluids as the magmatic intrusion
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finally crystallizes but remains a heat source driving convec-
tion (cf. Fig. 9). 

Most hydrothermal metal deposition can be explained in
terms of extreme pressure and temperature gradients, mix-
ing, water-rock reaction, and boiling (both phase separation at
a solvus at high temperature and pressure, and intersection of
the saturated water-vapor curve, the latter typically at hydro-
static pressures within 1−2 km of the surface)—all phenom-
ena that are common in magmatic-hydrothermal environ-
ments. The conceptual model of magmatic-volatile injection
depicted in Figure 8 is essentially catastrophic and is in ac-
cord with a wide range of field and laboratory observations.
Hydrothermal veining and brecciation commonly indicate
episodic mineralization (e.g., Sibson et al., 1975) and in some
instances indicate fluid pressures varying between lithostatic
and hydrostatic (e.g., Gustafson and Hunt, 1975; Parry et al.,
1991; Redmond et al., 2004) and extraordinary flow rates
(e.g., Cathles and Shannon, 2007).

Modeling continental magmatic-hydrothermal systems

Complete and rigorous system-scale THMC modeling of
magmatic-volatile injection is not yet possible. The state-of-
the-art equations presented in the “Processes Driving Fluid
Flow and Transport” section cannot fully represent the ex-
treme pressure and temperature ranges, rapid mechanical
deformation and associated permeability changes, complex
water-rock interaction, and multiphase, multicomponent
fluid flow (H2O-CO2-NaCl + other components). We must
focus on a narrower subset of behaviors in order to define
problems that are of interest yet quantitatively tractable.

For instance, simple reactive-solute-transport models (HC
models, solving eqs 1, 4, and 10 only) of hydrothermal vein
formation at the Butte, Montana, copper-porphyry system are
key evidence for brief flow durations and, by inference, ex-
traordinary flow rates. Modeling of diffusion and reaction in
the Butte vein system has shown that centimeter-scale
sericitic vein alteration envelopes likely require only tens of
years to form by diffusive addition of K+ and H+ from mag-
matic fluids flowing through the veins (Geiger et al., 2002).
Mass transport was advection dominated within veins (first
term on right side of eq 10) and diffusive between veins and
host rock (represented in the second term on the right side of
eq 10). About 4.5 km3 of the Butte Quartz Monzonite pluton
were altered by ~100 km3 of magmatic fluid in perhaps only
a few hundred years, implying extraordinary flow rates that
may have reached tens of metric tons of fluid per meter width
per year in individual fractures (Cathles and Shannon, 2007),
and also implying high rates of vapor emission from underly-
ing magma (cf. Lowenstern and Hurwitz, 2008). Such flow
rates are consistent with various lines of field evidence. For
instance, pebble dikes are common in and near porphyry cop-
per deposits (e.g., Gustafson and Hunt, 1975) and imply flow
rates sufficient to entrain, upwardly transport, and abrade
rock fragments. 

Given the apparent brevity and intensity of some vein-
forming episodes, it seems reasonable to equate them with
what a hypothetical observer might term volcanic unrest.
Episodes of rapid vein formation presumably would have en-
tailed seismicity related to vein opening, discernible ground
deformation, and obvious increases in hydrothermal venting.

High rates of vapor (and in places, metal) release have been
documented at various restless volcanoes (e.g., Hedenquist et
al., 1993; Goff et al., 1994), and the 1991 eruption of Pinatubo
volcano in the Philippines is believed to have destroyed at
least part of an incipient porphyry deposit (Hattori, 1996).

At Butte, the initial host-rock permeability at 4 to 9 km
depth (Rusk et al., 2004, 2008) was insufficient to accommo-
date the release of the magmatic volatiles (i.e., k ≤10−17 m2),
and the near-lithostatically pressured volatiles created per-
meability by hydraulic fracturing, producing closely spaced
(~5 cm) veinlets (Cathles and Shannon, 2007). At Bingham
Canyon, Utah, another porphyry copper deposit, early quartz
veins contain abundant hypersaline liquid (38−50 wt %
NaCl) and vapor-rich inclusions trapped together at temper-
atures of 560° to 350°C and pressures of 55 to 14 MPa, con-
sistent with fluctuations between lithostatic and hydrostatic
pressure at paleodepths of 1.4 to 2.1 km (Redmond et al.,
2004). During this stage, the permeability at Bingham
Canyon might perhaps be conceptualized as cycling between
the mean crust (blue curves) and disturbed crust (black
curves) conditions of Figure 3. Cathles and Shannon (2007)
suggested that early-stage quartz veins with selvages of
potassic alteration may record “controlled explosions” caused
by rapid exsolution of magmatic volatiles, and that the per-
meability created by such explosions clears the way for later
ore deposition.

Given the difficulty of rigorous THMC simulation in a mag-
matic-hydrothermal environment, how useful are large-scale
(system-wide) simulations? Strategic modeling of a subset of
the actual couplings has elucidated key aspects of large-scale
system behavior. For instance, thermal-hydrologic (TH) mod-
els—solving equations analogous to equations (1), (4), and (7)
only—have been used to simulate the convective fluid-flow
geometries associated with ore deposits in both magmatic
(e.g., Eldursi et al., 2009) and nonmagmatic environments
(e.g., Matthai et al., 2004; Harcoeut-Menou et al., 2009). Sim-
ulation of transient hydrothermal circulation based on typical
real-world systems shows that, in general, favorable condi-
tions for mineral deposition around midcrustal plutons de-
velop over a short time span bracketing the hottest phase of
intrusion (Eldursi et al., 2009). A model-based Rock Alter-
ation Index analysis (the scalar product of the fluid-velocity
vector and the temperature gradient) can represent the po-
tential for mineralization (Zhao et al., 1998), assuming that
advection of reactants controls the rate of mineralization and
that mineral solubility decreases with decreasing tempera-
ture. Results suggest that pluton apexes (e.g., stocks) can
strongly focus mineralization; that fractured, high-permeabil-
ity thermal aureoles can restrict mineralization to a narrow
zone bordering a stock (e.g., Scheelite Dome, Yukon); and
that overlying low-angle fault-related permeability can dissi-
pate potential mineralization from near the pluton, prevent
secondary convection, and focus mineralization near the
land surface (e.g., Crocetta deposit, Italy; Eldursi et al.,
2009). The models employed in those studies have signifi-
cant limitations, such as the inability to simulate liquid-
vapor phase separation, which is likely important where in-
trusions are emplaced into relatively permeable crust and
exsolve a magmatic fluid. Nonetheless, they seem to provide
useful heuristic insights.
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Modeling mid-ocean ridge systems

Thermal-hydrologic modeling (solution of eqs 1, 4, 7 only)
has also elucidated “self-organizing” mid-ocean ridge (MOR)
convection at ~400°C, where pipelike flow cells are formed
due to the optimization of heat transport by water near this
temperature. Volcanic massive sulfides—a type of metal-sul-
fide ore deposit, mainly Cu-Zn-Pb—are among the ore de-
posits that form in a MOR environment. A key MOR field ob-
servation is that hydrothermal-discharge temperatures
appear to be limited to ~400°C, much less than the tempera-
ture of the basaltic magma that drives MOR convection. Sev-
eral explanations for the limit of MOR hydrothermal temper-
ature at ~400°C are possible. Analytical solutions for
conductive heat transport (third term on the right side of eq
7) show that temperatures at the surface of a single, instanta-
neous intrusion will not exceed 0.5Tmax (e.g., Lachenbruch et
al., 1976), or ~600°C in the case of basalt. Further, for typical
MOR pressures of ~40 MPa (400 bars), a maximum in silica
solubility exists at ~370°C, such that circulation of higher
temperature fluids may be inhibited by deposition of silica
(Fournier and Potter, 1982). Finally, it has been suggested
that vent temperatures are linked to the temperature of the
brittle-ductile transition (Lister, 1974; Fournier, 1991).

Each of these explanations for MOR vent temperatures
seems plausible, but none of them is required. Instead, nu-
merical simulations of free convection above an arbitrarily hot
base using the HYDROTHERM code (Table 3) show that the
temperatures of upwelling plumes are effectively buffered by
the properties of water itself. Pure water will tend to rise from
an arbitrarily hot boundary layer at temperatures of 350° to
400°C, the temperature range associated with convection
cells operating at maximum energy transport. This result can
be understood in terms of a quantity termed “fluxibility” F
(Jupp and Schultz, 2000), which measures the ability of buoy-
ancy-driven water to transport heat:

F = (ρ0 − ρ)ρH/μ, (18)

where ρ0 is the density of cold water. For pure water, this lo-
cally defined quantity is weakly pressure dependent and
shows clear peaks in ∂F/∂T at temperatures ranging from
384°C at 25 MPa to 412°C at 35 MPa. These are thus the
temperatures at which pure water will tend to rise at a given
pressure. The fluxibility peaks shift to somewhat higher tem-
peratures in a seawater system. The concept of fluxibility can
be extended to include both upflow (subscript u) and down-
flow (subscript d) zones of a hydrothermal convection cell
(Coumou et al., 2008),

ρu (Hu – Hd)(ρd – ρu)F = —————————, (19)
μu (1 + γB)

where γ represents the ratio Auku/Adkd, Au and Ad are the hor-
izontal cross-sectional areas of the up- and downflow zones,
respectively, and B is the ratio of the fluid properties
μd ρu/μu ρd . This version of F expresses the ability of a multi-
dimensional, single-phase system to transport energy by
buoyancy driven convection. When evaluated, it indicates that,
in a uniform-permeability medium, optimum energy trans-
port occurs when convection cells self-organize into pipelike
upflow zones (~380°C) that are surrounded by narrow zones

of focused, hot recharge (100°−300°C; see also Driesner,
2010). Numerical simulations of this process using the
CSMP++ code (Table 3) indicate that recharge in MOR sys-
tems may be much more focused than had been previously
assumed. Although the system depicted in Figure 11 has uni-
form permeability, fluid flow in both the up- and downflow
zones is enhanced relative to surrounding regions by the pres-
ence of hot fluids with lower viscosity μ (see eq 1). Once es-
tablished, this geometry tends to be maintained. The contrast
in flow velocities caused by differences in fluid viscosity has
the same stabilizing effect as a contrast in intrinsic perme-
ability. The hot, areally restricted flow geometry dictated by
water properties implies short fluid residence times.

Thus, thermal-hydrologic modeling has clearly demon-
strated that both the maximum temperature and the geo-
metry of MOR hydrothermal circulation may be greatly in-
fluenced by the properties of water itself. This is a profound
result, with important implications for both proposed MOR
tracer tests and the formation of massive sulfide ore deposits
(Coumou et al., 2008, 2009). The self-organizing effect is not
evident in a linearized “Boussinesq” fluid, for which the up-
flow temperature scales linearly with the basal temperature
(Jupp and Schultz, 2004); its recognition required numerical
models that accurately incorporate real fluid properties.

Concluding Remarks
Hydrothermal ore deposits are the products of complex

couplings between fluid flow, heat transport, solute transport,
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1 km

FIG. 11.  Thermal and fluid-flow structure of one of nine plumes along a 4
km segment of mid-ocean ridge (MOR) axis after a simulation time of 100
years. The plume cross section shows 100°C (blue), 300°C (brown), and
380°C (yellow) isotherms as well as mass fluxes (arrows). This figure repre-
sents a 1 × 1 × 1 km portion of a 4 × 3 × 1 km model domain with a uni-
form permeability of k = 5 × 10−14 m2 and closed lateral boundaries. The
upper boundary is maintained at a constant pressure of 25 MPa with a mixed
thermal boundary condition (Jupp and Schultz, 2000). A spatially variable
(Gaussian) heat flux is imposed along the lower boundary, representing esti-
mated MOR heat input of 350 MW/km of ridge length. After Coumou et al.
(2008).



chemical reaction, and mechanical deformation. Quantitative
models have provided valuable insights into the relevant
hydrothermal processes, one of the most important of which
is the fundamental role of permeability. High permeability
promotes high fluid-flow rates that lead to the large heat and
solute fluxes conducive to formation of ore deposits. Where
permeability is low, heat and solute transport occur mainly by
the relatively slow processes of conduction and diffusion. Low
permeabilities, however, help make possible elevated fluid
pressures due to processes such as sediment compaction, tec-
tonic compression, fluid generation, or heating. In low-per-
meability rocks, fluid pressures can eventually become high
enough to create new fractures, induce slip on existing faults,
or trigger porosity waves to produce temporary high-perme-
ability conduits that episodically transmit fluid, heat, and
solutes. Both distribution and magnitude of permeability are
important. Ore zones typically require (episodically) high per-
meability surrounded or capped by low-permeability zones
that maintain and focus the system. Low-permeability sur-
roundings can limit the overall permeability, allowing high
temperatures to occur relatively near the surface, and stabi-
lize the ore-forming environment, so that ore-forming
processes such as boiling or mixing do not migrate widely—
thus, the depth of boiling, for instance, will not change dras-
tically as the hydrothermal system waxes and wanes. Low-
permeability barriers can also allow hydrothermal systems to
overpressure, fail, and depressurize, leading to boiling, and
then reseal.

Transport and deformation theory have made important
contributions to the understanding of ore deposits in sedi-
mentary settings. Among the most studied are MVT deposits
in the United States, where much of the focus has been on
evaluating driving mechanisms for the flow of mineralizing
fluids. Compaction due to sedimentation or tectonic compres-
sion has been widely discounted as an important driving
mechanism for MVT ore-forming fluids, as the resulting rates
of heat advection are too low to raise temperatures above con-
ductive levels, insufficient for MVT ore formation at the ex-
pected formation depths of 1 to 1.5 km. Topographic gradients
created during the orogenesis with which MVT deposits are
commonly associated produce a much stronger driving force
for fluid flow and, provided that permeabilities in the recharge
area and ore zones were sufficiently high, topography-driven
flow could have elevated ore zone temperatures to the re-
quired levels. More complex models of MVT formation have
yet to be tested by quantitative coupled-process modeling. 

Although topography-driven fluid flow occurs in any up-
lifted, subaerial terrane, it may be temporarily overwhelmed,
significantly supplemented, or overprinted by other flow-dri-
ving mechanisms. Examples include the episodic flow caused
by seismicity or hydrocarbon generation and the convective
flow caused by a magmatic heat source. The flow regimes
around magma bodies create many important classes of ore
deposits, including epithermal, porphyry, and volcanogenic
massive sulfide deposits. Applications of transport and defor-
mation theory have helped to clarify the geometries of these
flow regimes, the roles of magmatic and meteoric water, the
locations within the flow regime where, based on maximal
fluid fluxes and temperature gradients, mineralization should
be concentrated, and the pressure evolution of the flow

regime, which has implications for hydraulic fracturing and
the formation of veins that can host mineralization. Studies of
mid-ocean ridge magmatic-hydrothermal systems have shown
that the transport properties of water itself may cause hydro-
thermal systems to self-organize into pipelike, buoyancy-dri-
ven upflow zones that are surrounded by narrow zones of fo-
cused, hot recharge.

The permeability of many ore zones is fracture dominated.
Data from various modern hydrogeologic studies (e.g., Bar-
ton et al., 1995; Townend and Zoback, 2000) demonstrate
that most hydraulically conductive fractures are critically
stressed under the existing state of stress, whereas most frac-
tures that are not critically stressed are nonconductive. Thus,
fracture orientation relative to the (paleo) stress field may ul-
timately be among the most important determinants of fluid
flow, transport, and ore-hosting potential.

Although much of the governing hydrogeologic theory is
long established, rigorous quantification of complex process-
couplings in models that incorporate site-specific geologic de-
tail continues to be computationally challenging and repre-
sents a major research frontier. The issue of inelastic
deformation and associated dynamic variations in permeabil-
ity, for which fully satisfactory theory has yet to be developed,
is a particular challenge. Fortunately, this problem is now
under attack from several directions, as it is a core issue for
emerging technologies such as Enhanced Geothermal Sys-
tems (EGS) and geologic carbon sequestration, as well as eco-
nomic geology.
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Notation

a = total fracture aperture after dilation
a0 = initial aperture
A = cross sectional area [L2]
b = thickness [L]
c = specific heat capacity (usually isobaric heat 

capacity) [E M−1 T−1]
cb = bulk compressibility of porous medium at constant 

fluid pressure [L t2 M−1]
cs = bulk compressibility of rock matrix [L t2 M−1]
cu = uniaxial compressibility of the porous medium 

[L t2 M−1]
C = aqueous concentration [M L-3]
D = hydrodynamic dispersion [L2 t−1]
Dw = diffusion coefficient in open water [L2 t−1]
E = energy [E]
F = fluxibility [M L−3 t−1]
g = gravitational acceleration [L t−2]
G = shear modulus, [M L−1 t−2].
H = specific enthalpy [E M−1]
k = intrinsic permeability [L2]
k0 = reference intrinsic permeability [L2]
kr = relative permeability [dimensionless]
K = thermal conductivity [E t−1 L−1 T−1]
L = characteristic length or distance [L]
M = mass [M]
P = pressure [M L−1 t−2]
Pc = capillary pressure [M L−1 t−2]
q = volumetric flow rate per unit area (volume flux, 

specific discharge or Darcy velocity) [L t−1]
R = general source/sink term for mass, heat, 

or chemical reactions [variable]
ss = specific storage [L−1]
S = volumetric saturation [L3 L−3, dimensionless]
t = time [t]
T = temperature [T]
u = displacement vector [L]

Us = shear displacement [L]
v = average linear velocity (seepage velocity) [L t−1]
X = mass fraction H2O, NaCl, or CO2 in an 

H2O-NaCl-CO2 mixture [dimensionless]
z = elevation above a datum, vertical Cartesian 

coordinate, or depth [L]
zg = elevation parallel to the direction of gravity [L]
α = dispersivity [L]
αe = effective stress coefficient, [dimensionless]
αT = porous medium linear thermal expansivity [T−1]
β = bulk fluid compressibility [L t2 M−1]
θ = potential per unit mass [E M−1]
λ = coefficient of friction [dimensionless]
μ = dynamic viscosity [M L−1 t−1]
v = Poisson’s ratio [dimensionless]
ρ = density [M L−3]
σ = stress [M L−1T−2]
σeff = effective normal stress
σnref = effective normal stress to a fracture
τ = tortuosity [dimensionless]
φ = porosity [dimensionless]
φe = effective porosity [dimensionless]
Φdil = shear dilation angle 
(ˆ ) indicates increase or decrease in a quantity
(-) indicates a nondimensionalized quantity

Subscripts

Unless otherwise locally redefined, subscripts have the fol-
lowing meanings:

f refers to the fluid mixture in place 
(either a single phase or a two-phase mixture)

l refers to liquid
m refers to the porous medium
r refers to the rock
v refers to vapor (steam)
0 refers to an initial state
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